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Striations, duration, migration and tidal response in
deep tremor
Satoshi Ide1

Deep tremor in subduction zones is thought to be caused by small
repeating shear slip events on the plate interface with significant
slow components1–4. It occurs at a depth of about 30 kilometres
and provides valuable information on deep plate motion and
shallow stress accumulation on the fault plane of megathrust
earthquakes. Tremor has been suggested to repeat at a regular
interval1,2, migrate at various velocities4–7 and be modulated by
tidal stress6,8,9. Here I show that some time-invariant interface
property controls tremor behaviour, using precise location of
tremor sources with event duration in western Shikoku in the
Nankai subduction zone, Japan. In areas where tremor duration
is short, tremor is more strongly affected by tidal stress and migra-
tion is inhibited. Where tremor lasts longer, diffusive migration
occurs with a constant diffusivity of 104 m2 s21. The control
property may be the ratio of brittle to ductile areas, perhaps
determined by the influence of mantle wedge serpentinization
on the plate interface. The spatial variation of the controlling
property seems to be characterized by striations in tremor source
distribution, which follows either the current or previous plate
subduction directions. This suggests that the striations and cor-
responding interface properties are formed through the subduc-
tion of inhomogeneous structure, such as seamounts, for periods
as long as ten million years.

One of the most important discoveries in Earth science in the last
decade is that of deep non-volcanic tremor1 often accompanied with
a slow slip event. The combined phenomena have come to be known
as episodic tremor and slip2. In western Shikoku, in the Nankai sub-
duction zone, Japan, most seismically observed tremor and geodeti-
cally observed slow slip events share a common mechanism—shear
slip on the plate interface10,11—and a scaling law in which the event
duration is proportional to the seismic moment (that is, the spatial
integral of slip multiplied by the rigidity)12. Similar phenomena have
been discovered in other subduction zones13,14, and tremor appears to
occur as shear slip on the plate interface at least in Nankai, Cascadia
and Costa Rica15, although there is still ongoing debate on the precise
location of tremor relative to the plate interface14.

Here I focus on tremor in western Shikoku. Tremor in this area has
been proposed to be repeating small low-frequency earthquakes4,
each of which occurs as slip on the plate interface based on both
the planar distribution of hypocentres3 and the focal mechanism of
low-angle thrust type11. A high ratio of compressional (P)-wave velo-
city to shear (S)-wave velocity (vP/vS) around the tremor sources
determined by seismic tomography implies the existence of water
at high pore pressure3,16. High-speed tremor migration of up to
10 km in 10 minutes (about 10 m s21) was also first discovered here4.
Other categories of slow earthquakes, very-low-frequency earth-
quakes5 and slow slip events10 have been studied here as well. Here,
I reveal the fine internal structure of this well-studied tremor zone by
determining tremor source locations and durations.

The data are the velocity seismograms recorded at 23 stations of
Hi-net, the high-sensitivity seismograph network maintained by the
National Research Institute for Earth Science and Disaster Preven-
tion, Japan, for five years from April 2004 to March 2009 (Fig. 1). I
divided continuous data into half-overlapping 300-s time windows
and determined the location of the tremor source, if it existed, for each
time window. The hypocentre determination method is an envelope
correlation method1,17. This method has been widely used to deter-
mine the location of tremor phenomena, but has been thought to
include significant errors, particularly in depth. However, it can be
an effective location method, provided it is accompanied by appro-
priate processing to reduce the influence of outliers, as detailed in the
Methods. In addition to the locations, I estimated the source duration
using the stacked envelope aligned with the wave arrival time from the
source location. The event duration is defined as the period for which
the amplitude exceeds half of the maximum.

Figure 1 shows the locations of tremor sources and stations. For
most events, the standard deviation of location determined by the
least squares solution is less than 1 km, vertically and horizontally,
which is probably underestimated. I can constrain the actual location
error to some extent using ordinary earthquakes. I apply the envelope
correlation method without eliminating ordinary earthquakes. 95%
of ordinary earthquakes larger than magnitude one (M . 1) in the
catalogue of the Japan Meteorological Agency (JMA) were also
detected and located by the envelope correlation method. The esti-
mated depths of these ordinary earthquakes are systematically shal-
lower by about 1.2 km (with a standard deviation of 4.5 km) than
those in the JMA catalogue. The epicentres are better constrained,
with a standard deviation of about 1.5 km (see the Methods). I take
these figures as representative of typical errors in my analysis. These
ordinary earthquakes are not shown in Fig. 1, because it includes only
events with duration longer than 10 s.

Despite errors of about 5 km in depth, the shape of tremor source
distribution clearly shows northwestward-dipping planes, with increas-
ing dip angles from east (A) to west (C) (see Fig. 1). The result is
consistent with the previous location of low-frequency earthquakes
in this area3,15, but the resolution is insufficient to discuss whether this
pattern represents a single plane. At the western end of the tremor
zone, the depth may be a little deeper owing to systematic errors in
depth, as demonstrated in the Supplementary Information. The rela-
tively high dip angle in this region cannot be explained by this error.
Except for the depth of this region, the depth distribution and the
spatial pattern of dip angle changes are consistent with the depth of
the oceanic Mohorovičić discontinuity (Moho) estimated using
receiver functions18.

Many lineaments within the tremor can be identified, as shown by
the arrows in Fig. 1. Their orientation clusters in one of two direc-
tions: either N 55uW or N 22uW. The former is the direction of
current plate motion19 and the latter is approximately the direction
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of the past plate motion before 3–5 million years ago, when the direc-
tion of subduction of the Philippine Sea plate suddenly changed from
NNW to WNW20,21. This suggests that these lineaments are formed
by relative plate motion—both previous and current, just as micro-
earthquake streaks are observed to follow the slip direction along the
creeping section of the San Andreas Fault, California22.

The time-location plot of tremor sources (Fig. 1) shows that large
tremor activity repeats at a time interval of 3–6 months, as found
previously23. Some small clusters repeat at much shorter intervals of
1–2 months, or last almost continuously, such as the purple cluster at
the boundary between A and B. The intervals seem to be characteristic
for each cluster, which suggests they are controlled by some local
property of the plate interface.

Tremor distribution in Fig. 1 is substantially different from the
distribution of low-frequency earthquakes detected by the JMA24

(Fig. 2a). These low-frequency earthquakes are identified as isolated
events in tremor sequences. Therefore, the event duration must be
very short. If I select short events with durations between 10–15 s, the
distribution (Fig. 2b) is similar to that of low-frequency earthquakes.
This distribution is essentially the same as the recently discovered
double-peak alignments of tremor activity at the shallow and deep
parts of the tremor zone25. On the other hand, the distribution of
events with durations between 100–300 s (Fig. 2b) is quite different,
and spatially complementary. This means that the event duration is
also controlled by some local property of the interface. Figure 2c
shows the typical duration measured by the median duration, which
has a consistent pattern: the short-duration events are peripheral to,
and surround, areas of long duration. There are several circular holes

near the centre of the tremor zone where no tremor was detected.
Because the typical duration is long near these holes, it is possible that
there are still longer slip events that are undetected by our analysis.

The same local property seems to control the sensitivity to tidal
loading. Tremor can be modulated by tidal stress6,8,9, but Fig. 2d shows
that does not apply at all locations. I measure sensitivity to tidal stress
using the normalized Fourier spectral amplitude, as described in the
Methods. Although in some areas tremor occurs quite periodically at
the semidiurnal principal lunar (M2) period, there are also wide areas
without such correlation. By comparing Fig. 2c and d, in general
tremor can be seen to be sensitive to tidal stress where short events
occur. In other words, in such areas tremor is easily activated by
external load but terminates quickly. Tremor may generate longer slip
that is less sensitive to external load in an area where long events occur.

Tremor duration or sensitivity to tidal stress can control overall
tremor behaviour. If tremor occurs without tidal modulation in an
area where event duration is long, tremor often shows clear diffusive
migration, in which the migration time is equal to the square of dis-
tance divided by the diffusivity. Figure 3a and b shows such examples.
Tremor is slightly controlled by the tide, but migrates even when the
tidal stress is in the opposite sense. A parabolic curve assuming the
diffusivity of 104 m2 s21 is almost always a good approximation.
Diffusion has been considered as a possible mechanism of tremor12,26,
but the migration is not always clearly diffusive. Figure 3c and d shows
examples in which migration is not clear. In such cases, tremor occurs
only when the tide level is high and migration is inhibited.

As shown above, there is some local property controlling event
duration, periodicity, sensitivity to tidal stress and diffusive migration.
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Figure 1 | Distribution of tremor sources having durations longer than 10 s.
a, Map view (left panel) and three cross-sections (right panels) for the grey
rectangular region. Sources in the box are coloured according to the location
in the N 40uW direction, and sources outside the box are grey. Green

triangles are Hi-net stations and the blue triangle is the Uwajima tide station.
Two grey open circles indicate explosion events in quarries. Arrows are
aligned in either N 55uW or N 22uW directions. b, Space-time plot of tremor
sources for five years. Colours are as in the top panels.
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What is it? Slow earthquakes may occur as a combination of brittle
earthquake-like slip and ductile slower slip. In the deeper part of the
plate interface, shear motion must be ductile, but in shallower areas a
certain part of the interface is brittle. A tremor zone may be an area
where a slow slip interface is pinned by numerous small brittle patches.
The density of brittle patches could be the local property. Rupture of
patches activates slow motion, but the amount of activated slow
motion may be spatially variable. For dense patch distribution, only
a small slow slip area is activated and the slow slip duration is short.
Conversely, if the distribution is sparse, large slow motion can be
activated around each patch and grows to some critical size, above
which slow slip may break brittle patches without the help of tidal
stress. In this case, a feedback system between slow slip and brittle
patches produces a diffusive slip event, which is less controlled by tidal
stress.

The duration is short along the shallowest edge of the tremor zone,
where a clear lineament along strike suggests a drastic change of

material property. This line may correspond to the Moho discontinu-
ity, where dehydration reaction and serpentinization of the stagnant
wedge mantle are likely to begin27,28, as suggested by the structural
seismic surveys in the Tokai region, Japan29. Serpentinization requires
water transport along the subducting plate, which may be enhanced
along with subducting irregularities such as seamounts. In the Nankai
subduction zone, a subducting seamount near the trough has been
identified by a structural survey30. Many similar seamounts must
have subducted along the plate interface in the past and some of
them may have survived through the shallower locked section where
megathrust earthquakes occur. Some of them subducted in the
direction of N 22uW before 5 million years ago, whereas others have
subducted or are subducting in the direction of N 55uW. I suggest
that the current lineaments shown in Fig. 1 are the record of previous
seamount subduction, as summarized in Fig. 4. Similar lineaments
are also visible in other tremor zones along the Nankai and the
Cascadia7 subduction zones, suggesting that it is a fundamental
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Figure 3 | Map views and space-time plots of
tremor sources for active periods of one week.
The area in the rectangular box in Fig. 1 is shown
in the map view. Each space-time plot shows
observed sea level at Uwajima station (Fig. 1)
shaded in white to grey (normalized for each
period). Coloured circles show the log duration.
a, b, Tremor migration occurs almost
continuously along a dashed parabola calculated
using the diffusion coefficient of 104 m2 s21.
c, d, Migration is not clear. Tremor occurs mainly
when sea level is high.
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a b Figure 2 | Distribution of low-frequency
earthquakes and tremor sources with duration
and sensitivity to the tidal stress. a, Distribution
of low-frequency earthquakes determined by the
JMA. The area in the rectangular box in Fig. 1 is
shown. b, The distribution of tremor sources is
shown by grey circles. Those with duration T
between 10 and 15 s and exceeding 100 s are
shown by blue circles and orange circles,
respectively. c, Spatial distribution of median
duration estimated in each 1-km2 cell.
d, Sensitivity to the tidal stress estimated using
the amplitude of the normalized Fourier
spectrum at the semidiurnal principal lunar (M2)
period of 12.420601 h.
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process for tremor zones, and applicable to many other subduction
zones.

METHODS SUMMARY
The hypocentre determination is based on an envelope correlation method: the

envelope is ground-velocity bandpass-filtered between 2 and 8 Hz, squared, low-

pass filtered below 0.3 Hz, and resampled at one sample per second, in two hori-

zontal directions. Continuous envelope records are divided into 300-s windows. For

each window, I seek a pair of envelopes, for which the maximum cross-correlation

exceeds 0.6. For these pairs, I find an initial estimate of epicentral location that

maximizes the number of station pairs with the same signs of difference in travel

time and epicentral distance. The time difference at the maximum cross-correlation

for each pair of envelopes is used as data. The data are compared with the difference

of calculated S-wave arrival times based on a one-dimensional velocity structure.

The best estimation of the hypocentre is given by minimizing the errors between the

observed and calculated travel time differences using the Levenberg–Marquardt

method. Although I determine a hypocentre for each time window, I discard the

result in cases where the number of data points is smaller than 100, or the standard

deviation of error is larger than a second. By comparison with the hypocentre

catalogue of JMA (Supplementary Fig. 1), I estimate the standard deviation of
the location to be about 1.5 km horizontally and 4.5 km vertically.

For the estimation of sensitivity to tidal stress, I prepare a circle centred at one

point on the map to include 100 tremor epicentres. If the radius is smaller than

5 km, I consider a sequence of delta functions located at all hypocentral times. I

calculate the amplitude of its Fourier spectrum at the semidiurnal principal lunar

(M2) period, which is shown in Fig. 2d.

Full Methods and any associated references are available in the online version of
the paper at www.nature.com/nature.
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Figure 4 | Schematic illustration of plate subduction and formation of
tremor zone. Guided by irregularities such as seamounts, the wedge mantle
is serpentinized down to some depth. A change of subduction direction is
visible as striations, shown by the dotted areas in the tremor zone.
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METHODS
Hypocentre determination method. The original records are horizontal-velocity

discretized at 100 samples per second. The records are bandpass-filtered between 2

and 8 Hz, squared, low-pass filtered below 0.3 Hz, and resampled at one sample

per second. The square root of the resampled data is the ‘envelope’ I use for

hypocentre determination. I use envelopes in two horizontal directions separately

at 23 stations. Continuous envelope records are divided into 300-s windows,

successively overlapped by 150-s.

For each window, I first seek correlated envelopes. If the maximum cross-

correlation between envelopes at a station pair exceeds the assumed threshold
(0.6 in this study), the two envelopes are judged to be correlated and the corres-

ponding lag time is the travel-time difference between two stations. The difference

must not exceed the travel-time difference of a horizontally propagating S-wave at

the surface. With a relatively low threshold such as 0.6, even noise often correlates

well. Since least-squares methods are susceptible to non-Gaussian observations,

that is, outliers, some preprocessing is necessary. I adopt a robust epicentral

location method that maximizes the number of station pairs that have the same

sign for difference in travel time and epicentral distance. For the estimated epi-

centre, a datum point is judged to be an outlier when (1) the arrival time at the

distant station is earlier by more than 3 s, or (2) the travel-time difference is greater

by 3 s than the travel time of the slowest wave between two stations. The threshold

3 s is another control parameter that I chose by trial and error.

After removing outliers, travel-time difference data Dtij between station i at xi

and station j at xj are used to make an observation equation:

Dtij 5 T(xi, x0) 2 T(xj, x0) 1 e

where T(x, y) represents the travel time of an S-wave between x and y. I calculate

travel times assuming a one-dimensional velocity structure based on the tomo-

graphy result of ref. 3. In fact, the difference of the assumed velocity structure

affects the epicentre distribution very little. x0 is the hypocentre to be estimated.

Assuming that e is the Gaussian error leads to a nonlinear least-squares

minimization:

Res 5S[Dtij – (T(xi, x0) 2 T(xj, x0))]2

I linearize this problem and solve it using the Levenberg–Marquardt method. For

this nonlinear problem the selection of the initial parameters may affect the

result. Therefore, I use the estimated epicentre and seven different initial

depths—2, 5, 10, 20, 30, 50 and 100 km—and find the solution that minimizes

Res. Once the solution is obtained, I calculate the standard deviation of data. If a

data residual is more than three times the standard deviation, I remove it and

restart the Levenberg–Marquardt method. This process is iterated until there are

no removed data points.

Thus I obtain the catalogue of hypocentres estimated for each time window.

Some hypocentres are not unique because time windows overlap. I search a pair

of hypocentres that occurred within 40 km and 10 s, and removed the one with

the larger standard deviation. I also removed poorly estimated hypocentres in

cases where the number of data points is not many, smaller than 100, or the

standard deviation is larger than 1 s.

Comparison of hypocentres with the JMA catalogue. My method is applicable

not only to tremor, but also to ordinary earthquakes. I compare my result with

the hypocentre catalogue of JMA. Supplementary Fig. 1 shows the result of

comparison. Corresponding events are connected by lines. Generally, the epi-

centre is similar, with a minor systematic error and a standard deviation of about

1.5 km. The vertical error is a little larger, 4.5 km, and my hypocentral estimate is

systematically shallower by about 1 km than that of the JMA. The difference is

mostly due to the difference of assumed velocity structure. Moreover, the vertical

error has a spatial pattern in that the error is larger at the edge of the network.

Therefore, we should be careful not to interpret the hypocentral depth near the

edge of the network. Nevertheless, considering the fact that my method uses only

S-waves, the consistency between two catalogues is remarkable and the resultant

hypocentral catalogue is useful for this analysis.

Estimation of sensitivity to tidal stress. For each point separated at intervals of

2 km in the box area of Fig. 1, I estimated the sensitivity of tremor activity to tidal

stress as follows. I prepare a circle centred at one point on the map to include 100

tremor epicentres. If the radius is smaller than 5 km, I consider a sequence of

delta functions located at all hypocentral times, tj. I calculate the amplitude of its

Fourier spectrum at the semidiurnal principal lunar (M2) period,

vM2 5 12.420601 h, normalized by the number of events N (5 100), which is:

1

N

X

j

exp (ivM2tj)

�����

�����

If the sequence is perfectly periodic, the value is 1. Figure 2d shows the distri-

bution of this normalized Fourier spectrum amplitude.
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